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Abstract A series of schemes designed to include various
representation of the Ekman-driven heat fluxes in slab-ocean
models is introduced. They work by computing an Ekman
mass flux, then deducing heat fluxes by the surface flow
and an opposite deep return flow. The schemes differ by
the computation of the return flow temperature: either di-
agnosed from the SST or given by an active second layer.
Both schemes conserve energy, and use as few parameters
as possible.

Simulations in an aquaplanet setting show that the schemes
reproduce well the structure of the meridional heat transport
by the ocean. Compared to a diffusive slab-ocean, the simu-
lated SST is more flat in the tropics, and presents a relative
minimum at the equator, shifting the ITCZ into the sum-
mer hemisphere. In a realistic setting with continents, the
slab model simulates correctly the mean state in many re-
gions, especially in the Tropics. The lack of other dynami-
cal features such as barotropic gyres, means that an optimal
mean-state in regions such as the mid-latitudes will require
additional flux corrections.

1 Introduction

The slab ocean model, in which the ocean is represented as
a single fixed-depth layer with a homogeneous temperature,
is the simplest ocean model for studies of ocean-atmosphere
interactions after the swamp ocean (Meehl, 1992). Even now
that computational constaints are less restrictive, it still has
a number of important uses.

F. Codron
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The first one is to provide a simple model for mecha-
nistic studies, that retains the physics of ocean-atmosphere
coupling through surface heat fluxes, and is very easy to
interpret. Exemples of studies in realistic settings include
Blade (1997) or Lau and Nath (1996). The slab ocean is also
useful in idealised geometries such as aquaplanets, where
it is a simple energy-conserving model of the surface. This
framework can be used to study moist atmospheric dynam-
ics (Frierson et al, 2006) or to compare atmospheric physics
as proposed with fixed SSTs by Neale and Hoskins (2000).
Experiments with climate models requiring very long inte-
grations or multiple simulations with varying coefficients,
that are common for exemple in paleoclimate studies be-
cause of the many unknown parameters, may also require
the use of a slab ocean because the spin-up time of a full
ocean GCM would be too time consuming (e.g. Donnadieu
et al (2006)).

As the temperature of a slab ocean is forced only by
local surface heat fluxes, it will be very different from the
observed one without some representation of the heat trans-
port by ocean currents. The most usual way to achieve this
is to add a seasonal forcing equal to the surface fluxes from
an atmospheric simulation forced by observed SSTs (with
possible iterations), the idea being that there is an approxi-
mate balance in the surface mixed layer at this timescale be-
tween the surface fluxes and the effect of ocean dynamics.
This process allows to obtain realistic SSTs for the present
climate, but becomes less satisfactory for different climates
as the hypothesis of an oceanic heat transport equal to the
present one becomes less realistic. When the geometry of
continents changes, for idealised settings or remote paleo-
climates, this solution becomes impossible to use.

An alternative way of simulating the heat transport is to
add a horizontal diffusion of temperature (Donnadieu et al,
2006). This is however not a very good way of represent-
ing heat transport in the ocean, as the meridional heat flux is



2

largest in the tropics where the meridional temperature gra-
dient is almost flat (Trenberth and Caron, 2001). A diffusion
coefficient varying with latitude can help (DeConto and Pol-
lard, 2003) but still does not have the right dynamics and is
for example unable to simulate the relative minimum of the
surface temperature at the equator.

Observations (Levitus, 1987) show that the the largest
contributor to the meridional heat transport in the ocean in
the tropics (where the transport is strongest) is the Ekman-
driven transport. This transport is organised in mean merid-
ional cells, with a wind-driven Ekman flow in the surface
mixed layer, and a return flow at depth (Schott et al, 2004).
The associated vertically-integrated heat transport can be
understood as the product of the mass flux multiplied by the
temperature difference between the surface and return flows
(Held, 2001; Czaja and Marshall, 2006). In aquaplanet set-
tings, the meridional heat transport by the ocean as simu-
lated by full GCMs (Marshall et al, 2007; Smith et al, 2006)
is dominated by eddy diffusivity and, especially in the trop-
ics, Ekman transport. In the presence of meridional barriers
(such as continents), other heat transport components such
as horizontal gyres or the overturning circulation can make
a smaller global contribution (Jayne and Marotzke, 2001;
Enderton and Marshall, 2009) that can even be dominant in
some regions.

Anomalies of the surface branch of the Ekman heat trans-
port have been included in studies of the role and origin
of mid-latitude SST anomalies using a slab-ocean model
(Alexander and Scott, 2008; Peng et al, 2006), and their role
was shown to be significant. The method however only in-
cluded the Ekman heat fluxes in the surface layer far from
the continents and the equator (where upwelling would be
strong). It also used only anomalies and not the total trans-
port.

The aim of this paper is to introduce and test a class of
schemes to represent the complete Ekman heat transport in
a slab ocean context, which can thus be used in conjunction
with a parameterisation of eddy diffusion to approximate the
heat transport by ocean currents. The main goals are to re-
produce the structure of the Ekman-driven meridional heat
transport, as well as the general structure of tropical SSTs
with colder waters due to upwelling at the equator and conti-
nental boundaries. The constraints will be that the scheme is
energy-conserving and keeps low numerical costs and com-
plexity, consistent with the slab model.

The rationale and implementation of two different schemes
are presented in section 2. The impact of the schemes is then
tested, first in an aquaplanet setting (section 3) then in a sim-
ulation of the present Earth (section 4). We then discuss the
merits of the proposed schemes and conclude.

2 Description

2.1 General Principle

The momentum balance for large-scale horizontal motions
in the oceanic surface mixed layer is derived starting from
the primitive equations. In the small Rossby number approx-
imation, the relative acceleration term involving large-scale
velocities, as well as the spherical terms, can be neglected.
The turbulent momentum fluxes remain as they are impor-
tant in the mixed layer. The resulting equations are:

{

εu− f v = −1/ρ0∂xP+ ∂z(u′w′)

εv + f u = −1/ρ0∂yP+ ∂z(v′w′)
(1)

The last term of each equation is the vertical divergence
of turbulent momentum fluxes, andε represents the various
dissipative effects (including horizontal momentum fluxes),
here modeled as Rayleigh linear drag. In the absence of
pressure gradients, the flow is driven by the surface stresses
(τx,τy). The resulting total mass transport can then be ob-
tained by integrating equation (1) multiplied byρ0 from
the surface, where the turbulent eddy fluxes are equal to
1/ρ0(τx,τy), to a depth below the surface mixed layer where
they vanish:

{

εMx − f My = τx

εMy + f Mx = τy
(2)

Note that the ocean was considered as homogeneous in this
calculation (ρ0 is constant). The zonal and meridional com-
ponents of the mass transportMx,My are then given by

{

Mx = (ετx + f τy)/(ε2 + f 2)

My = (ετy − f τx)/(ε2 + f 2)
(3)

If ε is small compared to the Coriolis factorf , the classic
Ekman drift formula is recovered. The presence ofε allows
the computation of the mass transport even at the equator
where f vanishes and the Ekman drift becomes singular.

The Ekman transport schemes will use these mass fluxes
to compute the total heat fluxes. The net vertically-integrated
heat flux across some horizontal boundary will be given by
the sum of the heat transports by the Ekman flow at the tem-
perature of the surface mixed-layer (i.e. the slab tempera-
ture), and by a deep return flow that is assumed to have
exactly the opposite mass flux but takes place at a lower
temperature. The schemes will essentially differ in how the
temperature of the return flow and its influence on the slab
temperature are computed.
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Fig. 1 Heat fluxes in the 1.5-layer scheme. Both Ekman and return
flow occur in the unique slab layer of depthH, but at different temper-
atures. The mass fluxesM1,2 are computed from the wind stress, and
the temperatures at the interfacesT1,2 from the slab temperature at the
grid-points.

2.2 1.5 Layer model

The first implementation is schematized on figure 1 along
one horizontal dimension. Only one prognostic temperature
for the surface (slab) layerTs is used. The temperature at
depthTd , that will be used for the deep return flow, is then
diagnosed fromTs:

Td = αTs +(1−α)T0 (4)

WhereT0 is the freezing temperature of seawater. This
formulation ensures thatTd remains above freezing and be-
low the surface temperatureTs. The difference betweenTs

and Td will be largest in the Tropics, which is consistent
with the temperature of the ocean being more horizontally
uniform at depth than at the surface. Choosing a value of
α = 2/3 gives a temperature of the return flow, or of the
upwelled water, about 10◦cooler than the surface one in the
tropics, which seems reasonable.

The evolution of the slab temperature at a given grid
point is then given by the convergence of the total (surface
plus deep) heat flux through the boundaries:

ρHS
∂Ts

∂ t
= M1(Ts1−Td1)−M2(Ts2−Td2) (5)

Using figure 1 notations, withS the area of the grid point.
The temperatures at the interfacesT1,T2 can be estimated
from Ts andTd at neighbouring grid points using any advec-
tion scheme: upstream, centered or more complex ones. The
heat transport scheme will conserve energy as long as the
same interface temperature is used for the evolution of the
temperatures of the grid points on both sides.

With Ts > Td , the net heat flux through a grid bound-
ary has the sign of the surface Ekman mass flux. There is
thus a poleward heat transport under the trade winds, which
becomes equatorwards in regions of surface westerlies. A
divergent Ekman mass flux will lead to a local cooling, re-
producing the effect of the upwelling of deep water even
though there is no explicit upwelling in this scheme.

M1Ts1 M2Ts2

M1Td1 M2Td2 Hd

Hs
(M2−M1)Td

Fig. 2 Heat fluxes in the 2-layers scheme. The Ekman and return flow
are opposite and occur in two distinct slab layers. The vertical mass
flux is obtained by continuity.

In the case of a convergent Ekman mass flux, the slab
temperature will warm, which is not so realistic: there would
in reality be a sinking of the surface water and a deepening
of the thermocline, as observed in the subtropics, instead of
a warming of the surface layer. This spurious warming is a
weakness of this 1.5 layer scheme, but it can be mitigated
using a variable coefficientα. For that purpose, values of
the net mass flux (M1−M2) and of the total flux exchanged
(|M1|+ |M2|) through the boundaries of a grid point are com-
puted. The value ofα then varies according to the ratio be-
tween the net and total values. It is equal to 1/3 when the ra-
tio approaches -1 (purely divergent flux withM1 andM2 of
opposite signs) and to 1 with a ratio of 1 (purely convergent
flux). In the latter case, the deep temperature becomes equal
to the surface one, and the net heat flux through a boundary
cancels out.

2.3 2-Layers model

As its name suggests, the 2-layers model uses two surface
and deep slab layers with prognostic temperatures. The deep
layer is generally taken with a larger thickness, typically
between 150 and 350m. All the surface heat fluxes are ex-
changed with the surface layer. The horizontal temperature
advection is computed as in the 1.5-layer case, but using the
Ekman mass fluxes in the surface layer, and the opposite re-
turn fluxes in the bottom layer (figure 2). In addition, there
is an upwelling or downwelling mass flux between the sur-
face and deep layers, which is equal to the divergence of the
horizontal Ekman mass flux. The resulting vertical heat flux
is computed using an upstream scheme, to ensure no conver-
gence of heat in the surface layer in the case of a convergent
mass flux (downwelling). Finally, we use a simple convec-
tive adjustment to ensure that the deep temperature remains
lower then the surface one. It is active in the winter mid- and
high-latitudes.
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2.4 Implementation

The slab ocean is used as the surface model coupled to the
LMDZ atmospheric GCM (Hourdin et al, 2006), a model us-
ing finite-difference schemes on a regular latitude-longitude
grid. The simulations use a relatively low resolution of 48x48
grid points on the horizontal, or 7.5 degrees in longitude by
3.75 in latitude. This allows to do extensive testing , and
is consistent with potential uses of the slab ocean for long
simulations. We performed some tests where the resolution
has been uniformly doubled to 96 by 96 points, but the re-
sults were very similar apart from the impact of the reso-
lution on the atmospheric mean-state. Both configurations
use 19 sigma-levels on the vertical. The timestep used is
6 mn for the atmospheric dynamics, and 30 mn for the phys-
ical parameterisations (including the slab ocean). Over land,
the ORCHIDEE land surface model is used (Krinner et al,
2005).

The slab ocean shares the horizontal grid of the atmo-
spheric GCM. A simple one-layer thermodynamic sea-ice
model is added, whose complexity is comparable to the ocean
model; it is described in more details in the appendix. The
ocean temperatures at the interfaces are computed using an
upstream advection scheme, except in the meridional direc-
tion for the 2-layers version where a centered scheme is
used. With the upstream scheme, the temperature of the ad-
vected deep water could become higher than the surface one
in the case of a strong surface temperature gradient and a
weak vertical gradient, as happens in the winter mid-latitudes.
When continents are present, the mass flux - and thus heat
flux - is set to zero at ocean-continent boundaries.

In addition to the heat transport by Ekman currents, hor-
izontal temperature diffusion is used in the ocean with a con-
stant diffusivity coefficient. We use a coefficient of 25000 m2.s−1for
a single 50m-deep slab layer. This value was chosen so that
the diffusive meridional heat transport would peak above
1 PW in the aquaplanet setting, similar to the one simulated
by full GCMs (Marshall et al, 2007). The diffusivity coef-
ficient is thus large, as all the heat transport takes place in
the 50-m surface layer. When the depths of the oceanic lay-
ers change, the diffusion coefficient varies in inverse propor-
tion to the total depth. The vertically-integrated heat trans-
port thus remains approximately the same with different to-
tal depths or formulations (1.5 or 2 layers), provided that the
horizontal temperature gradient does not vary too much.

The complete equation of evolution of the temperature
of the slab oceanTs is then, for the 1.5-layer case:

∂Ts

∂t
=

1
ρCH

(Fa−o + Fi−o)−D∆Ts−
1

ρH
divH [M(Ts −Td)]

(6)
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Fig. 3 Annual and zonal-mean Slab-ocean temperature, for no heat
transport (black), diffusive transport (blue), and diffusive plus 1.5 layer
Ekman transport (red)

WhereFa−o and Fi−o are the heat fluxes from the at-
mosphere and the sea ice, respectively,D is the horizontal
diffusion coefficient, and divH is the horizontal divergence
operator. The values of the Ekman mass fluxM (from equa-
tion 3), and of the surface and deep temperaturesTs andTd

used to compute the divergence are evaluated on the grid-
point interfaces.

In the case of the 2-layer model, the evolution equation
for the surface layer becomes:

∂Ts

∂t
=

1
ρCHS

(Fa−o + Fi−o + Fc)−D∆Ts−
1

ρH

[

divH (MTs)−WTs/d

]

(7)

Where a new convective heat flux componentFc between
the two slab layers was added. The vertical mass fluxW , in
kg.m−2.s−1, is defined asW = 1/H divH M. The vertically-
advected temperature isTs or Td depending on the sign of
W . The evolution of the deep temperatureTd is similar, only
without the surface fluxes.

3 Aquaplanet results

We first test the schemes in the idealised setup of an ocean-
covered planet. In the absence of meridional continental bound-
aries, the heat transport will be accomplished by Ekman cur-
rents and eddy diffusion. To check the impact of different
representations of the heat transport, we use a series of ex-
periments with an inert ocean (no transport), a purely dif-
fusive transport, and finally both diffusive and Ekman trans-
ports. Starting from an idealised SST distribution, the model
reaches a steady state in about 20 years.
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3.1 Mean meridional structure

The zonal-mean ocean temperature for the three experiments
is shown on figure 3. The associated integrated meridional
heat transports are given on figure 4. In the inert ocean case,
the slab temperature has a sharp peak at the equator, then
drops regularly towards the ice-edge at about 50◦latitude.
When diffusion is added, the temperature rises by 5 to 10
degrees, but the general shape remains similar. The poleward
heat transport, peaking around 1PW in the mid-latitudes (fig-
ure 4, top), causes a reduction of the sea-ice extent. The
effect on the albedo, added to other feedbacks such as in-
creased water vapor, explains the general warming observed.

The structure of the SST and meridional transport change
when the 1.5-layer Ekman transport is added. The Ekman
transport is strongest in the tropics, where it peaks slightly
under 3PW (figure 4, middle), because of the large tem-
perature difference between the surface and the return flow
(Czaja and Marshall, 2006). It then changes sign to become
equatorward under the westerly-wind belt of the mid-latitudes.
The strongly divergent heat transport at the equator leads to
a local SST minimum there and to a much flatter meridional
structure in the tropics (figure 3).

The structure of the SST and total heat transport ressem-
ble the observed ones (Trenberth and Caron, 2001), with a
maximum in the tropics decreasing to a lower transport in
the mid-latitudes. The amplitude also agrees well with aqua-
planet results using full ocean GCMs (Marshall et al, 2007;
Smith et al, 2006). Going into details, the diffusive trans-
port is directed equatorward only very close to the equator in
our results, compared to throughout the tropics (and with a
larger magnitude) in the GCMs. This is a consequence of the
deep thermocline in the subtropics, that is not representedin
a slab ocean. This error is compensated by a weaker Ekman
transport in the tropics for the slab model.

The temperature of the two slab-layers for the 2-layers
model is shown on figure 5. The surface layer has an inter-
mediate structure between the diffusive and 1.5-layer mod-
els: the equatorial minimum is present and the tropical tem-
perature is flattened, but not as much as with 1.5 layers. The
reason is a reduced magnitude of the tropical Ekman heat
transport (figure 4) due to a smaller temperature difference
with the subsurface. Figure 5 indeed shows that the deep
layer temperature is only about 5 degrees cooler than the
surface.

3.2 Seasonal cycle

The seasonal cycles of the SST and precipitation for the dif-
fusive slab ocean are shown on figure 6. The maxima of
SST and the ITCZ wander a short distance around the equa-
tor, following the sun’s movement with a few months delay.
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Fig. 4 Oceanic meridional heat transport (in PW): diffusive (blue),
Ekman (black) and total (red). Simulations with (top) diffusion only,
(middle) 1.5-layer Ekman, (bottom) 2-layer Ekman.

The annual-mean precipitation has a sharp maximum on the
equator.

When Ekman transport is added (1.5-layer, figure 7), the
equatorial upwelling prevents precipitation there. The ITCZ
instead jumps from one hemisphere to another between sea-
sons, and the annual-mean shows two distinct maxima on
both sides of the equator. There is in this simulation a strong
meridional coupling between the SST, meridional wind and
ITCZ in the vicinity of the equator: with a non-zeroε co-
efficient, mass fluxes are in the direction of the wind stress
close to the equator. When the warm SSTs and the ITCZ
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Fig. 5 Annual and zonal-mean Slab-ocean temperature, with the
2-layers Ekman transport. Surface layer (cont) and bottom layer
(dashed).
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Fig. 6 Diffusive ocean experiment: left, seasonal cycle of the ocean
temperature (colour) and precipitation (contours every 4 mm/day).
Right, annual-mean precipitation.

are in the north, the southerly cross-equatorial winds then
induce an upwelling to the south and a downwelling to the
north, reinforcing the SST gradients and the ITCZ position.

The position of the mid-latitude storm tracks, as indi-
cated by secondary precipitation extrema, are located far-
ther poleward in the simulation with Ekman transport. This
is consistent with a tropical SST distribution more flat and
extended in latitude.

The results with the 2-layers Ekman transport are sim-
ilar to the 1.5-layer ones, except that the meridional SST
gradients are less strong. The precipitation structure retains
its double peak.

4 Present Climate

We now test the impact of the Ekman transport schemes in
the actual Earth configuration, using present-day insolation
and greenhouse gas concentrations. A land-surface and veg-
etation scheme is used over the continents. No flux correc-
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Fig. 7 Same as figure 6 for the 1.5-layer experiment.

tion is applied in the ocean, so the slab temperature is driven
only by the surface heat fluxes and the parameterised Ek-
man and diffusive heat transports. Starting from an idealised
zonal-mean SST, the simulated mean state converges in ten
to thirty years.

The annual-mean temperature of the surface slab layer is
shown on figure 8 for the different heat transport schemes,
together with the areas of minimal and maximal seasonal
sea-ice extent. As in the aquaplanet experiments, both sim-
ulations including a representation of the Ekman transport
are globally warmer, and have a tropical belt of warm SSTs
with a more flat latitudinal shape. In addition, there is a
marked cooling by the upwelling at the eastern ocean bound-
aries and in the central Pacific, that is more pronounced in
the 1.5-layer simulation. There is also a hint of a spurious
upwelling-induced cooling in the eastern Indian Ocean.

The minimum sea-ice extent is similar in the three cases:
thick sea ice occupies the Arctic Ocean year-round because
of the lack of drift and export out of the Arctic in the model;
in the Antarctic almost all the ice melts in summer. The max-
imum extent is too large with diffusion only; it is better es-
timated with the addition of Ekman transport. The 1.5-layer
model has a larger maximum extent in both hemispheres
than the 2-layer model, possibly due to the larger amplitude
of the seasonal cycle in the mid-latitudes, as discussed later
on. The ice extent is in any case strongly dependent on pa-
rameters of the model such as the snow and ice albedos.

The changes in the mean tropical precipitation brought
by the inclusion of Ekman transport are shown on figure 9.
For the diffusive ocean, the precipitation belt is centeredon
the equator. When the 2-layer Ekman transport is added,
precipitation amounts decrease strongly at the equator and
increase on both sides, giving a structure much closer to
the observed one. In particular, the eastern-Pacific ITCZ re-
mains to the north of the equator. There is a also a small
increase in monsoonal rains over East Asia and South Amer-
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(a) diffusive ocean

(b) Ekman transport 1.5−layer

 

 
(c) Ekman transport 2−layer
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Fig. 8 Annual-mean SST in◦C (colors), and minimum (white) and
maximum (light blue) seasonal sea-ice extent, for different simulations
of the present climate: (a) diffusive slab ocean, and additional (b) 1.5-
layer (c) 2-layer Ekman transport.

ica. Using the 1.5-layer Ekman scheme brings similar changes,
only stronger. In particular, the dry equatorial band in the
Pacific extends all the way to the west. The model with
the 1.5-layer scheme also tends to simulate unrealistically
strong precipitation above some hot points where there is a
convergence of surface Ekman currents.

In order to better understand what the Ekman transport
scheme accomplishes, figure 10 shows maps of the heating
of the slab layers due to the divergence of heat fluxes, in the
2-layer case. The heating is shown in W.m−2for easier com-
parison with the typical magnitude of surface heat fluxes.
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Fig. 9 Annual-mean precipitation (mm/day) for simulations of the
present climate: (a) diffusive ocean, (b) 2-layer Ekman transport, (c)
the (b)-(a) difference.

The largest effect in the surface layer (figure 10a) is the cool-
ing around the equator, especially in the Pacific and at east-
ern boundaries, where the surface Ekman currents are diver-
gent. The cooling comes here from the upwelling of cold
deep water compensating the surface divergence. At depth
(figure 10b), the flat horizontal temperature structure means
there is only a small warming at the equator (an upstream
advection scheme is used on the vertical).

In addition to forcing in the tropics, there is a slight sur-
face warming in the subtropics, and another belt of surface
cooling in the mid-latitudes, under the westerlies. It is due
not to upwelling, but to equatorwards advection of cold wa-
ter. This surface advective cooling is largely compensatedon
average by the poleward return flow in the deeper layer, as
can be seen on the vertically-integrated heating (figure 10c).
There is however a significant impact on the seasonal cycle
of SST (not shown): in summer, the Ekman flow cools the
surface layer and warms the deeper layer; the heat stored at
depth is then restored to the surface in winter through the
vertical convective adjustment. Compared to the 1.5-layer
scheme, in which the compensation between surface and re-
turn flows is instantaneous, the SST is then colder in fall and
warmer in spring. The surface cooling or warming induced
by changes in Ekman transport can also be a factor in the
low-frequency variability of the mid-latitudes.
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(a) Ekman surface layer (b) Ekman deep layer

(c) Ekman total (d) Ekman + diffusion
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Fig. 10 Annual-mean heating of the slab ocean by the parameterised horizontal heat transports in the 2-layer model, units in W.m−2. Ekman
transport in (a) the surface layer, (b) the deep layer, and (c) vertically integrated; (d) sum of the integrated Ekman anddiffusive transports.

The impact of the diffusive transport is apparent by com-
paring figures 10c and 10d, which show the total heating
by the ocean currents. The horizontal diffusion is cooling
the whole tropics, cancelling the Ekman-induced warming
in the subtropics. The heating in mid and high latitudes is
particularly strong in two areas. The first one, particularly
apparent in the Southern Hemisphere, is the sea-ice edge,
because of the null temperature gradient under the ice. The
second one is close to the east coasts of continents in the
northern hemisphere. There are no boundary currents in this
model, but the SST is strongly cooled in winter through sur-
face heat fluxes forced by the cold air blowing off the con-
tinent, and this is partially compensated by the horizontal
diffusion.

5 Discussion

5.1 Role of epsilon

The schemes presented rely on only a few parameters, so
that they can be used in a variety of settings. The value of
ε, the inverse damping timescale of oceanic currents, turned
out to have the most influence. Far from the equator,ε is
small compared to the Coriolis factorf and its exact value
does not matter. Closer to the equator, the surface currents
become aligned with the wind stress. The transition latitude,
whereε = f , is at 4◦for ε = 10−5 s−1(used in the simula-
tions throughout the paper), and at 2◦for ε = 5.10−6 s−1.
The latter value means that the equatorial region where the
Coriolis force is weak is less wide than the model’s resolu-
tion. It leads to strongly divergent Ekman currents and an
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intense, narrow upwelling centered on the equator. With the
higher value ofε, the equatorial upwelling is broader and
less intense. The total upwelled flux should not change: the
integrated vertical mass flux between, for example, 10◦S and
10◦N must compensate the poleward mass fluxes at these
latitudes, which are proportional to the zonal wind stress at
10◦S and 10◦N but do not depend onε. Given that the deep
slab temperature is almost flat around the equator, the total
cooling of the surface layer is also nearly constant.

Even though the meridional heat transport away from
the equator is not much affected, the structure of the up-
welling has large impacts on the tropical SST and precip-
itation. With the higher value ofε, a meridional current is
forced at the equator by cross-equatorial winds. This causes
an additional upwelling on the upwind side of the equator,
and downwelling on the downwind side. The cold tongue of
SST thus tends to be centered off the equator (as in the East-
ern Pacific in figure 8). The meridional coupling between the
SST, wind and upwelling is also strong and tends to keep
the ITCZ on one side of the equator. For the lower values
of ε, the coldest SSTs remain centered on the equator, and
there is a tendency for meridionally-symmetric climate, with
a zonally-extended cold tongue and a double ITCZ.

5.2 Comparison of the schemes

We have tested two different versions of an Ekman heat
transport scheme. In the 1.5-layer scheme, the temperature
of the return flow is diagnosed from the surface one. This
scheme does a very good job of reproducing the mean merid-
ional heat transport, but misses some physics associated with
the independent evolutions of the surface and deep tempera-
ture. In addition, this scheme can create some spurious sur-
face hot spots where there is a convergence of surface cur-
rents (as can happen close to continents), a problem that can
be partially remedied using a variableα coefficient (section
2).

The 2-layer scheme brings a bit more complexity, with
a second interactive layer and convective adjusment but has
more transparent physics. Its main weakness might be an
underestimation of the equatorial cooling through upwelling
and of the meridional heat flux in the tropics, because the
temperature of the deep water is too warm in the tropics.

Part of the problem may come from the atmospheric
model: it is known to produce westerlies too close to the
equator, and a temperature gradient too steep between the
subtropics and midlatitudes, especially at lower resolutions
(Marti et al, 2010). The global heat balance in the lower
ocean layer requires that the temperature of the upwelled
water is given by the temperature of the water sinking in
the subtropics, minus cooling through the convective adjust-
ment at higher latitudes. The biases of the simulated atmo-
sphere mean that the sinking will happen too close to the

equator, thus with warmer water. The lack of any represen-
tation of the role of salinity in the ocean model could also
lead to an underestimation of convective exchanges in the
high-latitudes and of the cooling of the deep layer.

Finally, there is a constraint coming from the model for-
mulation. In the real ocean, the temperature below the sur-
face mixed layer is warmer in the subtropics than closer to
the equator, due to a much deeper thermocline. The 2-layer
model cannot however sustain a local temperature minimum
at depth at the equator, because both heat transport mecha-
nisms (diffusion and Ekman) would then act to reduce it. A
more complex vertical structure of the model would be nec-
essary to represent these variations of the thermocline detph.

In the mid-latitudes, the impact of Ekman transport comes
more from advection of the mean temperature gradient and
less from the convergence or divergence of the currents. For
example, increased westerlies normally have a short-term
cooling impact on the SST through the induced equatorward
mass transport at the surface. In the 1.5-layer scheme, thisis
balanced instantaneously by a return flow at a close tem-
perature (in the mid-latitudes). In the 2-layer scheme, the
temperature evolves independently in the two layers until
they are connected by the convective adjustment. Inspection
of the temperature tendency due to the horizontal Ekman
heat transport in the different simulations indeed shows that
while the variance of the vertically-integrated tendency in
the mid-latitudes is larger in the 1.5-layer case (because of
a larger surface-deep temperature difference), the variance
in the surface layer alone is much larger with the 2-layer
scheme. The 2-layer scheme thus seems more able to sim-
ulate the impact of anomalous Ekman transports on mid-
latitude SST variability, although an anomaly-based scheme
might be even more appropriate in that case (see below).

5.3 Improvements using observed climatologies

The heat transport schemes presented use only a small num-
ber of constant parameters, so that they can be directly used
in any setting. To obtain a more realistic simulation of the
present-day climate, a number of improvements could be
made using climatologies derived from the observations. A
first possibility is the use of prescribed instead of simulated
sea-ice extent. The depth of the slab layer could also be
taken to vary spatially according to observed seasonal mixed-
layer depths, instead of being a uniform 50-m. The impact
of the horizontal heat transport (and of surface heat fluxes)
would be larger in regions of shallow surface mixed layer,
such as the eastern Pacific, and lower in regions of deeper
mixed layer such as the Indian Ocean, thereby increasing
the SST signature of upwelling in the former and reducing
it in the latter.

A more radical correction would be to add heat flux cor-
rections to bring the seasonal simulated SST in line with the
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observed one, as is classically done in inert slab ocean mod-
els. The flux corrections can then replace the missing dy-
namics, including the horizontal diffusion, and only the Ek-
man heat flux variability or sensitivity is retained. For stud-
ies restricted to the mid-latitudes, some authors (Alexander
and Scott, 2008; Peng et al, 2006) developped an anomaly-
based Ekman scheme in their slab ocean, in which only anoma-
lous Ekman heat fluxes in the surface layer are added to the
SST evolution equation together with the required correc-
tions. This has the advantage of eliminating the compensa-
tion by the return flow (1.5-layer scheme) or the convective
mixing with the deep layer (2-layer), and thus can work bet-
ter for this specific use. Anomaly-based schemes are how-
ever unable to represent anomalous upwelling motions that
are important in the Tropics or near continent boundaries.

These various improvements all rely on existing clima-
tologies of the simulated climate, whether of sea-ice, SST,or
mixed-layer depth. They can thus be used only for mecha-
nistic studies or for sensitivity tests with small anomaly am-
plitudes. For climates very different from the present, such
as in the distant past or with idealised - or no - continents,
there is no reason for climatologies derived from present ob-
servations to hold. The schemes presented and tested in this
paper were thus developped to be used without them.

6 Conclusion

We have introduced in this paper two implementations of a
simple numerical scheme to simulate the oceanic heat trans-
port by the Ekman surface currents and the compensating re-
turn flow, in a slab-ocean setting covering the whole ocean.
They both rely on computing a mass flux from the surface
wind stress, and using it to advect heat. The difference comes
from the temperature of the return flow, which can be di-
agnosed or given by a second interactive slab layer. The
schemes conserve energy, and allow for a fast spin-up of the
ocean. They have been tested together with a simple hori-
zontal diffusion representing the action of eddies as a com-
plete representation of heat transport by currents.

The structure of the meridional heat transport simulated
in an aquaplanet setting agrees well with the one from full
GCMs (Smith et al, 2006; Marshall et al, 2007), with a max-
imum in the tropics and a drop before the mid-latitudes.
The amplitude also agrees well, especially for the 1.5-layer
scheme. In comparison with diffusive-only heat transport,
both schemes produce a flat SST in the tropics, with a rela-
tive annual-mean minimum at the equator. The ITCZ alter-
nates between the hemispheres, and is coupled in the merid-
ional direction with the meridional wind and SST gradients.

A simulation of the present-day climate with realistic
continents and vegetation yields a climate that is reason-
able given the resolution used. In particular, the equatorial
cold tongue and eastern boundary upwelling systems are

well reproduced. There are some regional problems, such
as a tendency for upwelling in the Indian ocean and a Gulf
of Guinea that is too warm; but most of the main biases are
also present in simulations with the same model coupled to
a full ocean GCM.

The main limitation of the schemes (which is not an
issue for aquaplanets) is the lack of heat transport by the
horizontal gyres: their contribution is significant in the mid-
latitudes and can further change the mean state through ice-
albedo feedbacks (Enderton and Marshall, 2009). If the sim-
ulated climate needs to be the closest possible to observed,
this and other weaknesses can be corrected with the usual
flux correction added to slab models; the sensitivity of the
ocean temperature to the surface wind through Ekman trans-
port will be retained.
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A Sea-ice model

The simple thermodynamic sea-ice model used throughout thepaper
was built to provide an interactive representation of the sea-ice, of a
complexity comparable to the one of a slab ocean. Changes in the sea-
ice model, or in parameters such as the snow albedo, can have alarge
impact on the simulated climate, changing the ice extent andthe global
temperature through the ice-albedo feedback. This effect is however
largely independent of the heat transport schemes that are the focus of
this paper.

A.1 Representation of the ice

Over each grid point, the sea ice is represented by a uniform layer of
depthH and fractional areaf . It may be covered by a layer of snow
that has a zero heat capacity. The temperature at the bottom of the
ice layer is always equal to the freezing temperature of sea waterT0,
while the surface temperatureTs, seen by the atmosphere, can vary.
The temperature profile within the ice layer is assumed to be linear, so
that the mean ice temperature is(Ts +T0)/2. The evolution ofTs is then
given by:

∂ Ts

∂ t
=

2
ρiCiH

(Fa−i −Fi−o) (8)

Whereρi andCi are the volumic mass and specific heat capacity of
the ice, andFa−i andFi−o are the heat fluxes from the atmosphere to
the ice, and from the ice to the ocean. The latter is computed from the
temperature gradient within the ice layer:

Fi−o =
λ
H

(Ts −T0) (9)

with λ the conductivity of the ice.
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A.2 Ice formation and melting

As soon as the temperature of the surface slab ocean layer falls below
freezing, the temperature is set back toT0, and the resulting energy dif-
ference is used to build ice mass and, if ice is already present, to bring
it to the same mean temperature. A set of rules is used to determine
how the new mass is divided between an extension of the fractional
area and a thickening. If the ocean temperature becomes positive, ice
is melted and the ocean temperature brought back toT0 in a reverse
process.

If the surface temperature of the iceTs becomes positive, through
surface heat fluxes, it is similarly brought back to freezinglevel, and
the energy difference in the ice layer is used to first melt thesnow mass,
if present, then part of the ice mass. Any energy left after all the ice is
melted is used to warm the ocean, ensuring energy conservation.
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